10

11

12

13

14

Climate Dynamics manuscript No.
(will be inserted by the editor)

Contribution of Tropical Instability Waves to ENSO

Irregularity

Ryan M. Holmes - Shayne McGregor -
Agus Santoso - Matthew H. England

Received: date / Accepted: date

Abstract Tropical instability waves (TTWs) are a major source of internally-
generated oceanic variability in the equatorial Pacific Ocean. These non-linear
phenomena play an important role in the sea surface temperature (SST) bud-
get in a region critical for low-frequency modes of variability such as the El
Nino-Southern Oscillation (ENSO). However, the direct contribution of TTW-
driven stochastic variability to ENSO has received little attention. Here, we
investigate the influence of TTWs on ENSO using a 1/4° ocean model coupled

to a simple atmosphere. The use of a simple atmosphere removes complex
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2 Holmes et al.

intrinsic atmospheric variability while allowing the dominant mode of air-sea
coupling to be represented as a statistical relationship between SST and wind
stress anomalies. Using this hybrid coupled model, we perform a suite of cou-
pled ensemble forecast experiments initiated with wind bursts in the western
Pacific, where individual ensemble members differ only due to internal oceanic
variability. We find that TIWs can induce a spread in the forecast amplitude
of the Nino 3 SST anomaly six-months after a given sequence of WWBs of
approximately +45% the size of the ensemble mean anomaly. Further, when
various estimates of stochastic atmospheric forcing are added, oceanic internal
variability is found to contribute between about 20% and 70% of the ensemble
forecast spread, with the remainder attributable to the atmospheric variabil-
ity. While the oceanic contribution to ENSO stochastic forcing requires further
quantification beyond the idealized approach used here, our results neverthe-
less suggest that TIWs may impact ENSO irregularity and predictability. This

has implications for ENSO representation in low-resolution coupled models.

Keywords Tropical Instability Waves - El Nino - Southern Oscillation -
Ocean General Circulation Model - Hybrid Coupled Model - Stochastic
Forcing - Predictability

1 Introduction

Tropical Instability Waves (TIWs) are the dominant form of eddy variability
in the tropical Pacific Ocean. They have timescales of 15-40 days, wavelengths
of 700-1600km and their intensity varies seasonally and interannually with
the strength of the equatorial circulation (Dueing et al, 1975; Legeckis, 1977;
Contreras, 2002; Willett et al, 2006; Lyman et al, 2007; An, 2008). TIWs play
an important role in the heat and momentum budget of the large-scale flow
and influence the SST (Menkes et al, 2006; Jochum and Murtugudde, 2006).
Through their SST anomalies TIWs directly alter the atmospheric surface
winds at TIW scales (Chelton et al, 2001; Narapusetty and Kirtman, 2014),

an effect that is known to feedback onto the TIWs themselves and influence the
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Contribution of Tropical Instability Waves to ENSO Irregularity 3

oceanic and atmospheric mean states (Pezzi et al, 2004; Zhang, 2014). While
the dynamics of TIWs and their impacts on the mean equatorial circulation
are well understood, their influence on interannual variability in the tropics
has received less attention, beyond a number of studies on the contribution
of TIW lateral heat fluxes to ENSO asymmetry (e.g. An, 2009; Imada and
Kimoto, 2012), and rectification of TIW-associated small-scale atmospheric
variability (Zhang and Busalacchi, 2008; Zhang, 2016). This is a particularly
pertinent point given that TITWs are not fully resolved in the typical 1° ocean
models used to study ENSO (Graham, 2014)!, and that many coupled models
underestimate SST variability in the eastern Pacific where TIWs are most

active (Latif et al, 2001).

TIWs gain energy from non-linear hydrodynamic instabilities (Philander,
1976; Cox, 1980; Masina et al, 1999; Holmes and Thomas, 2016) that have
a stochastic element. Therefore, the phasing and strength of TIWs can vary
randomly, independent of variations in the mean circulation from which the
TIWSs gain energy. This internal stochastic oceanic variability is thought to
contribute to interannual variability in ocean-only (Jochum and Murtugudde,
2004, 2005; von Schuckmann et al, 2008) and SST-forced atmosphere-only
(Jochum et al, 2007b) models and can influence the skill of seasonal forecasts
(Ham and Kang, 2011). Jochum et al (2007b) found that including TIW SST
variability in the forcing of an atmospheric model increased wind and rainfall
variability near the equator and near +25° latitude by up to 35%. Jochum
and Murtugudde (2004) and Jochum et al (2007b) suggest that the SST and
wind stress variability induced by TIWs in the eastern Pacific is comparable
to that driven by the Madden-Julian Oscillation (MJO) in the western Pa-
cific, and thus could potentially contribute to the irregularity of the ENSO
cycle. However, this hypothesis has not yet been investigated in depth in the

literature.

1 A form of TIWs can exist in these low-resolution models, and a correct representation
of them within 1° models may be possible with an appropriate choice of viscosity (Jochum

et al, 2008).
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4 Holmes et al.

Stochastic forcing of the ENSO cycle is thought to stem mainly from in-
ternal atmospheric variability, in particular from wind bursts in the western
Pacific associated with tropical cyclones and MJO events (Keen, 1982; Zhang,
2005). Such wind bursts can stochastically generate SST anomalies in the cen-
tral and eastern Pacific via the zonal advection and thermocline depth anoma-
lies associated with equatorial Kelvin waves, contributing to the irregularity
of the ENSO cycle (Moore and Kleeman, 1999; Zavala-Garay et al, 2003).
The strength and frequency of western Pacific wind bursts is thought to be
dependent on the ENSO state, contributing to the asymmetry and diversity
of ENSO events (Eisenman et al, 2005; Gebbie et al, 2007; Levine et al, 2016;
Levine and Jin, 2017; Hayashi and Watanabe, 2017). The response of the ocean
to a given wind burst is also thought to depend on the oceanic background
state (Hu et al, 2014; Puy et al, 2016). However, in the eastern Pacific Puy
et al (2016) found that this dependence was less clear due to TIW-driven noise
and its rectification onto the mean state. This suggests that oceanic-sourced
noise may also contribute to ENSO variability, in addition to noise sourced in
the atmosphere. Finally, Holmes and Thomas (2016) found that TIWs act to
damp the heat anomalies induced by intraseasonal Kelvin waves, which may
impact the ability of Kelvin waves to kick-start the air-sea feedbacks necessary

to initiate ENSO events.

In this study, we investigate how internal oceanic variability associated
with TIWs influences the growth and amplitude of ENSO events. We use a
1/4° resolution Pacific basin-wide ocean model coupled to a simplified at-
mospheric model and focus on the strong TIW and ENSO growth season of
July-December. The simple atmospheric model is designed to isolate the effect
of TIW-driven noise on coupled variability, as internal atmospheric variability
associated with a fully-dynamic atmosphere is absent. Hybrid coupled models
that utilize a simplified atmosphere, ocean, or both, have been used exten-
sively in the study of ENSO predictability, irregularity, frequency, seasonality,
asymmetry and the role of stochastic forcing (e.g. Neelin, 1990; Kirtman, 1997;
Blanke et al, 1997; Zavala-Garay et al, 2003). However, there are several key
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Contribution of Tropical Instability Waves to ENSO Irregularity 5

differences between these models used in the past and our model. Firstly, our
higher resolution 1/4° ocean model better resolves TIWs and their significant
contribution to the upper-ocean heat budget (Menkes et al, 2006), which is
likely underestimated in lower resolution models (Graham, 2014). Secondly, we
use an atmospheric boundary layer model (ABLM) in the atmosphere (Seager
et al, 1995; Deremble et al, 2013). Both these elements facilitate a focus on
the role of complex non-linear ocean dynamics in ENSO, and also provide a
comparison with previous hybrid models that have utilized full atmospheric
GCMs coupled to simple ocean models (e.g. Dommenget, 2010; Frauen and
Dommenget, 2010).

The article is organized as follows. In Section 2 we describe the modeling
setup; the ocean model, the various atmospheric forcing data sets and the
simplified atmospheric model. In Section 3 we examine the influence of the
oceanic internal variability on SST variability without the statistical atmo-
spheric coupling (i.e. an uncoupled system with constant wind stress forcing).
In Section 4 we then examine the influence of this variability within an ensem-
ble of coupled forecast experiments. Section 5 compares the impact of oceanic
internal variability with several different estimates of stochastic atmospheric

forcing. The results are discussed and summarized in Section 6.

2 Model and Experimental Design

2.1 The Ocean Model

We use the Regional Ocean Modeling System (ROMS, Shchepetkin and McWilliams,

2005) ocean model in a configuration, adapted from Holmes and Thomas
(2016), that spans the tropical Pacific Ocean (105°E to 70°W, 30°S to 30°N)
with 0.25° horizontal resolution, 50 vertical levels and a time step of 10 min-
utes. At the western and meridional boundaries temperature and salinity are
nudged to climatological values from the World Ocean Atlas 2013 (WOA13,
Locarnini et al, 2013; Zweng et al, 2013) and the horizontal velocity is nudged
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to zero. The K-profile parameterization is used to parameterize sub-grid scale
vertical mixing processes (Large et al, 1994). We use a diurnal cycle in short-
wave radiation as we found this to be necessary to correctly represent the shear
and stratification in the upper Equatorial Undercurrent (EUC). Horizontal dif-
fusion of momentum was achieved with a bi-harmonic viscosity with coefficient
1 x 10" m*s™!, and harmonic horizontal diffusion of temperature and salinity
was included with coefficient 100m2s~!'. ROMS has been successfully used for
process studies of TTWs under similar configurations (Marchesiello et al, 2011;

Holmes and Thomas, 2016).

2.2 The Control Atmospheric Forcing

To simplify the analysis and interpretation, we use a temporally-constant con-
trol atmospheric forcing set. This idealization allows the role of internal oceanic
variability associated with TIWs to be cleanly isolated from atmospheric vari-
ability. Surface forcing fields are taken from a July-December average of the
ERA-Interim 1980-2014 data set (Dee et al, 2011). This season has strong trade
winds, with energetic TIWs (Contreras, 2002), and is the typical growth pe-
riod for ENSO events which peak in December-January-February (Tziperman

et al, 1997), thus ideal for this process study.

Using a temporal average of the ERA-Interim atmospheric state variables
(e.g. six monthly-averaged wind speed) can cause inaccuracies in the heat flux
and wind stress derived from these variables as quadratic terms in the bulk
formula, involving temporal correlations between variables, are ignored (e.g.
see Penduff et al, 2011). To avoid this problem here we use the ERA-Interim
data to explicitly prescribe both the wind stress, capturing the non-linearities
in the momentum forcing, and the wind speed magnitude (as opposed to its
two components), thereby retaining the correct wind speed magnitude in the
bulk calculation of the latent and sensible heat fluxes. This does not correct

for all the quadratic correlation terms in the bulk formula, but the remaining
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Contribution of Tropical Instability Waves to ENSO Irregularity 7

biases are acceptable for the idealized nature of the experiments performed
here, as will be discussed shortly.

A simulation using the ERA-Interim forcing described above was spun up
over a 7-year period initialized from WOA13 July-December climatology. We
refer to the last 2 years of this simulation, used for analysis below, as the
Bulk Control (see Fig. 1 for a schematic of the various control and ensemble
experiments considered in this study). The forcing input fields used are the
atmospheric surface air temperature T;,, surface specific humidity g, sea
level pressure P, zonal and meridional wind stresses 7, and 7,, downward
solar radiation $,,q and downward long-wave radiation [,.,4. We also use the
wind speed magnitude U,,, = \/m calculated from the 12-hourly ERA-
Interim 10m wind speeds Uyg and V7. The radiative forcing fields include the
effects of clouds. For the freshwater forcing we use a relaxation to the WOA13
Sea Surface Salinity (SSS) field with a 10-day relaxation time-scale.

For the majority of simulations discussed in this article we use an At-
mospheric Boundary Layer Model (ABLM) to determine the atmospheric air
temperature T,;, and humidity g.;., as opposed to specifying them directly
as in Bulk Control. This is utilized to remove the effective SST nudging as-
sociated with a fixed T, (i-e., an infinite atmospheric heat capacity) that
restricts the imprint of oceanic internal variability on SST. The implementa-
tion of the ABLM used here is based on the cheapAML model of Deremble
et al (2013), following earlier work by Seager et al (1995). The model solves
single-layer advection-diffusion equations for T,;. and qu; and parameterizes
the vertical transfers of heat and moisture at the air-sea interface and the top

of the atmospheric boundary layer (see the Appendix for details).

2.3 The Control Ocean Circulation

The Bulk Control matches observations well with respect to SST and the equa-
torial thermal and velocity structure. The SST field (Fig. 2a) shows minimal
bias when compared with the 1982 — 2014 ORA-S4 ocean reanalysis product
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1 year | 4 years

ATM Forcing: 1994-1995 59-day High-Pass

1 year 4 years
ATM Forcing: CORE-NYF 29-day High-Pass

25 Members A/a/
5 years 2 years 1 year yeaas

CORE-NYF Ensemble

CORE-NYF Control

WOA13

Spinup BULK Control ATM Forcing: CORE-NYF 59-day High-Pass
T\i]igé\/lon\ / 25 Members ABLM Ensemble
4 years 4/%@;/
- ABLM Control
Spinup ATM Forcing: Constant
Coupled RF Tests
2 years

1996-1997 Control

ATM Forcing: 1996-1997 Full Anomaly

25 Members 1994-1995 Stochastic Ensemble

1 year M 1994-1995 Stochastic Control

ATM Forcing: 1994-1995 Stochastic

1 year 4 years

ATM Forcing: 1996-1997 Stochastic

Fig. 1 A schematic illustrating the different control and ensemble experiments considered in
this study. A 7 year simulation forced with constant forcing from the ERA Interim 1980-2014
July-December average and using bulk formula is initialized from the WOA13 climatology
(left). After 5 years the ABLM is turned on and run for 8 years, with the last 4 years used
as ABLM Control (thick center black line). ABLM Control is used as the initial condition
for uncoupled and coupled (see Section 2.5) wind burst experiments, initialized every two
months (blue lines - ABLM Ensemble). In addition, a range of other control experiments
(thick black lines) are produced by adding various estimates of high-frequency atmospheric
(ATM) forcing (see Section 2.6). CORE-NYF Control and 1994-1995 Stochastic Control are
also used as initial conditions for additional coupled wind burst ensembles (see Figs. 12 and
13 respectively), whose results are compared to the ABLM Ensemble (which contains only
ocean-sourced variability) to quantify the relative contributions of oceanic and atmospheric
variability. We also perform a two-year simulation (1996-1997 Control) forced with full
atmospheric forcing anomalies from 1996-1997 to evaluate the impact of different coupling

coefficients R (see Section 4.1).



188

189

190

191

192

193

194

195

196

197

198

199

200

201

202

203

204

205

206

207

208

209

210

211

212

213

214

215

216

217

218
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(Balmaseda et al, 2013) over the July-December season (Fig. 2b). There is
a slight 0.5°C cold bias over the central equatorial Pacific and a warm bias
reaching 2°C in the far eastern Pacific (associated with common biases in
eastern boundary current systems, e.g. Small et al, 2015). The 20°C isotherm
depth is too shallow under the ITCZ (by roughly 40m) and the EUC is too
strong (by 0.3 — 0.4ms~') and slightly too shallow (not shown). However, the
important metrics of the equatorial SST and thermocline depth do not exhibit
large biases, and thus the model is sufficient for our purposes.

A simulation with an active ABLM (described in the Appendix) was ini-
tialized from the 5th year of the Bulk-forced simulation and run for 8 years.
The last 4 years of this simulation, referred to as the ABLM Control (see Fig.
1), is used for analysis and as initial conditions for wind burst experiments.
There are larger SST biases in this simulation compared to Bulk Control (com-
pare Figs. 2d,e to Figs. 2a,b). The 0.5°C cold bias along the equator is slightly
more extensive than in Bulk Control, while the warm bias in the far eastern
Pacific is reduced. There is a 1.5°C warm bias in the western Pacific (Fig. 2e).
We expect that the east-west cold-warm bias is mainly a response to the lack
of low-cloud feedbacks in the ABLM. In terms of the other fields there are
only minimal differences to Bulk Control. The upper EUC strength is reduced
in ABLM Control (Fig. 2f), improving its comparison with the ORA-S4 data
(not shown).

In order to study the impact of oceanic internal variability on ENSO it
is important to simulate an appropriate level of eddy kinetic energy (EKE).
Both ABLM Control and Bulk Control give similar surface EKE fields, reach-
ing 0.25m?s~2 in the central Pacific (Figs. 3a,b). These EKE values, which
include all time-variable flow in our control simulations, are comparable to
observed EKE values (Flament et al, 1996). Isolating only the TIW frequency
band, the variance of 3 — 60 day band-pass filtered meridional velocity at 0°N,
140°N in the upper 50m in ABLM Control is 760cm?s~2, comparable to the
970cm?s~2 obtained from the TAO array mooring at the same location (cal-

culated using only the months of July-December over the period 2005-2015).
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Fig. 2 SST (°C) from (a) Bulk Control and (d) ABLM Control, averaged over two years.
SST bias (°C) compared to the ORA-S4 1980-2014 July-December SST field for (b) Bulk
Control and (e) ABLM Control. (c) 20°C isotherm depth (m) and (f) equatorial depth-
longitude slice of zonal velocity (ms™!) and isotherms (°C) from ABLM Control.

A spatially-resolved comparison to observations can be made with SSH vari-
ability? (e.g. Small et al, 2009). A comparison of the 12° longitude high-pass
filtered SSH variability between ABLM Control and AVISO altimetry obser-
vations spanning the period 1993-2016, July-December shows good agreement
over the TIW variability peak in the equatorial region (Figs. 3c,d,e east of the
dateline between 3°N and 8°N). Therefore we conclude that the model rep-
resents the amplitude and spatial distribution of equatorial mesoscale oceanic

variability well.

2 SST could also be used for this purpose. However, this is more strongly influenced by

atmospheric variability that is not present in our control simulations.

Longitude ("E)

30
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Bulk Control Surface EKE (m?s~?)

20 0.3 20
(a)
10 - Z 10
02 &

AVISO SSH Variability (m)

) z
€ 0 | A { € 0
= . 01 =
E-10 E-10
-20 . it L . . L 0 -20 J -
220 200 180  -160  -140 120 -100  -80 220 200 <180 -160  -140 120 -100  -80
. ABLM Control Surface EKE (m?s~2) os ABLM Control SSH Variability (m)
20 )
Z 10 z
z 02 o
R 1 E
= " 0.1 t::
5 -10 £ q K
220 L ‘) 1 L L L 0 ) L b 1 L L L
-220 -200 -180 -160 -140 -120 -100 -80 -220 -200 -180 -160 -140 -120 -100 -80

Longitude (°E) Longitude (°E)

Fig. 3 Surface EKE (m?s~2) from (a) Bulk Control and (b) ABLM Control, averaged
over two years. The EKE is calculated as y/(u’)? + (v/)2, where the prime indicates de-
viations from the temporal mean. Standard deviation of 12°-longitude high-passed SSH
variability (m) from (c¢) AVISO satellite altimetry observations over the period 1993-2016,
July-December and (d) ABLM Control. (e) SSH variability averaged over the Nifio 3 (black

box) longitudes 150°W to 90°W for both ABLM Control and AVISO.

2.4 Western Pacific Wind Bursts

To examine the role of oceanic internal variability we perform idealized exper-
iments initialized by applying wind bursts over the western Pacific. We use a
representative Gaussian wind burst based on the analysis of ERA-40 reanalysis

data by Gebbie et al (2007),

t_t 2 Tr—x 2
To(2,y,t) = Aexp <—( TQO) _( X20) _

_ 2

v2
where A = 0.07Nm 2, X = 20° longitude, Y = 6° latitude and T = 5 days.
We apply this wind burst centered on the equator (yo = 0°) at xg = 195°W.
See Gebbie et al (2007) for a discussion of the merits of this choice.

2.5 Statistical Air-Sea Coupling

In addition to uncoupled wind burst experiments, we also perform a series of
coupled experiments where the wind stress and other atmospheric variables

depend on the oceanic SST anomalies through a statistical relationship. The

0.08
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0.02
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SSH Variability 150°W-90"W
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12°-longitude high-passed SSH variability (m)
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statistical relationship is based on the first mode of a singular value decom-
position (SVD) of the SST and wind stress covariance matrix from the ERA
Interim 1980-2014 July-December monthly-averaged data set (Fig. 4a). This
first mode represents the dominant mode of air-sea coupling in the region and
captures the Bjerknes feedback where a decreased zonal SST gradient across
the Pacific leads to a decrease in the strength of the trade winds in the central
Pacific. This type of simple coupling has been used extensively in the literature
(e.g. Syu et al, 1995; Blanke et al, 1997; Gebbie et al, 2007; Zhang, 2015). We
use only one mode because 1) it explains 95% of the covariance in the monthly-
averaged July-December SST and wind stress fields, 2) we wish to focus only
on the growth phase, not the decay phase of ENSO and 3) the second mode is
thought to be closely associated with the seasonal cycle, which is not present
in our control forcing. We obtain perturbation fields for the forcing variables
other than wind stress by regressing the SVD time-series onto the monthly
anomalies of those fields (the patterns for 7., 7,, solar and downward long-
wave radiation and wind speed magnitude are shown in Fig. 4b-f). The SVD
air temperature and humidity patterns are only used as boundary conditions
on the ABLM (i.e., as T}, and ¢, in Eqns. (A.1) and (A.2)).

The sequence of steps used while running the coupled model are:

1. Calculate the SST anomaly field (SST'(z,y)) by subtracting the ABLM
Control SST from the SST field averaged over the last 15 days (and updated
every 3 days).

2. Project this SST anomaly onto the SVD mode to obtain the regression
coefficient,

/ SV D
_ ¥, SST},;8STS)

i (SSTEF P2

(2)

where SST®V? indicates the SST anomaly pattern in Fig. 4a.
3. For each forcing field F'(z,y), add the sum of the forcing perturbation fields
F3VDP(x,y) (e.g. Fig. 4b-f) onto the control forcing F(z,y):

F(l‘vy) = F(x’y) + CRFFSVD(‘T7y)7 (3)
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Fig. 4 (a) SST anomaly (°C) and wind stress anomaly vectors for the first SVD mode
of SST and wind stress variability in the ERA Interim July-December 1980-2014 data set.
The SVD mode time series regressed onto (b) zonal wind stress (Nm~2), (c) meridional
wind stress (Nm~2), (d) shortwave radiation (Wm~2), (e) downward long-wave radiation

(Wm~2) and (f) wind speed magnitude (ms™1).

where RF is a coupling coefficient.

The coupling coefficient RF is an important parameter that can control
the growth rate of the coupled system (e.g. Gebbie et al, 2007). We examine

results for a range of reasonable coupling coefficients (see Section 4.1).

2.6 Estimates of Atmospheric Internal Variability

In Section 5 we examine how oceanic sourced variability compares with a few

different estimates of stochastic atmospheric forcing as described here.
2.6.1 High-pass Filter

One possible method to isolate internal atmospheric variability is to consider

only the high-frequency component of atmospheric forcing. For this purpose
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we use high-pass filtered forcing fields from the Coordinated Ocean-ice Refer-
ence Experiment Normal Year Forcing (CORE-NYF, Large and Yeager, 2004)
data set. As the CORE-NYF forcing data does not provide wind stress fields,
we derive equivalent wind stress fields using the ROMS bulk formula with
climatological SSTs from the ORA-S4 reanalysis. These output wind stresses,
and the wind speeds, air temperature, humidity and radiation forcing fields
from CORE-NYF are then filtered with either a 29-day or a 59-day high-pass
filter. Note that we do not include high-frequency forcing on the SSS or atmo-
spheric boundary layer height as this data is not available from CORE-NYF.
Note also that we use high-pass forcing from the full CORE-NYF year, not
just the July-December season.

This high-frequency forcing is then added on top of the 1980-2014 July-
December ERA Interim constant forcing and run for five years (looping over
the single CORE-NYF year) initialized from ABLM Control. The last four
years of this simulation (the CORE-NYF Control for the 59-day high pass
filter, see Fig. 1) was then used for analysis and as the initial conditions for
coupled ensemble runs.

Note that the CORE-NYF forcing set is an estimate of an average climato-
logical year (see Large and Yeager, 2004, for details), and may not, a priori, be
expected to reproduce accurately the variability associated with wind bursts
in the western Pacific. To check whether this influences our results, we also
conducted simulations forced with high-pass filtered atmospheric variability
from the ERA-Interim data set over the 1994-1995 season (see Fig. 1), chosen
for its relatively neutral ENSO state. These results showed little difference in
terms of the overall magnitude of variability compared with the CORE-NYF

forced simulation (see Section 5).

2.6.2 SVD-based Estimate of Stochastic Atmospheric Forcing

As an alternative to the high-pass filter described in the previous section,

we also attempted to directly isolate any atmospheric variability that is ap-
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parently independent of the ocean variability. Following Zavala-Garay et al
(2003), we construct this stochastic signal by subtracting the component of
the atmospheric variability that is captured by the SVD of the wind stress -
SST covariance matrix. The SVD is calculated in a similar manner to as in
the coupling strategy described in Section 2.5, except here we use the monthly
averaged ERA Interim 1980-2014 data for every month of the season (as op-
posed to just July-December). We use the first three modes to characterize the
coupled variability (explaining a total of 98% of the covariance for this time
period, 91% in mode 1, 6% in mode 2 and 1% in mode 3), and subtract these
modes (multiplied by their time-series) from the ERA Interim daily forcing
anomalies. The resulting forcing anomalies do not contain the (linear) modes
of the coupled system and thus should represent internal stochastic atmo-
spheric variability that is not associated with oceanic variability. Of course,
this method does not remove atmospheric variability that is non-linearly re-
lated to coupled or oceanic variability, and therefore may possibly overestimate
the variability attributed to the atmosphere. A five year simulation with this
additional forcing looped over the years 1994-1995, with analysis coming from
the last four years (see Fig. 1), was then performed in a similar manner to
CORE-NYF Control to produce a 1994-1995 Stochastic Control (see Section
5). This control experiment is also used as initial conditions for a coupled
ensemble (1994-1995 Stochastic Ensemble). Finally, we also performed a con-
trol simulation with stochastic forcing from 1996-1997, which showed similar

results to the 1994-1995 Stochastic Control (see Section 5).

3 Internal Variability in the Uncoupled Simulations
3.1 Internal Oceanic Variability

We first examine the variability in ABLM Control, in which ocean-atmosphere
coupled feedbacks and atmospheric noise are absent. The SST variability as-

sociated with oceanic internal variability is strongest in the eastern equatorial
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Pacific, reaching a standard deviation of 1.5°C in a zonal strip surrounding the
strong North Equatorial Front associated with TIW induced meridional oscil-
lations of this front (Fig. 5a). Strong variability is also evident throughout the
equatorial region east of 200°W, with a higher amplitude north of the equa-
tor where both mean meridional temperature contrasts (Fig. 2d) and TIW
activity (Fig. 3b) are stronger. This SST variability occurs not only at TIW
periods (15-40 days), but also contains a signature at lower-frequencies. The
60-day low-pass filtered SST variability is also peaked in the eastern Pacific,
although shows a more homogeneous structure exceeding 0.2°C across much
of the equatorial region (Fig. 5b). While this variability is further reduced by
averaging over large spatial scales, there is still high and low frequency vari-
ability in Nino 3 and Nino 3.4 SST, with anomalies reaching +0.2°C (Fig.
5c¢). This variability, associated purely with oceanic internal variability, is sig-
nificant relative to the 0.2°C—0.6°C SST anomalies associated with typical
WWBs and intraseasonal Kelvin waves (Chiodi et al, 2014).

SST variability in the eastern equatorial Pacific is closely related to vari-
ability in the thermocline depth, approximated by the 20°C isotherm depth.
The 20°C isotherm depth variability is strongest along 5°N as a consequence of
the strong TIW activity there (Fig. 5d). However, again there is still variabil-
ity in the thermocline depth at frequencies slower, and scales larger, than the
TIWs (Fig. 5e), with variations of £2m averaged over the Nino 3 and Nifo
3.4 regions (Fig. 5f). These low frequency and large spatial scale anomalies
are a consequence of the nonlinear rectification of eddy-driven variability (e.g.
Penduff et al, 2011; Arbic et al, 2014). Deep (shallow) Nino 3 20°C isotherm
depth anomalies lead warm (cold) Nino 3 SST anomalies by 39 days with a
correlation coefficient of 0.49. This connection is weaker in the Nifo 3.4 region

where the mean thermocline is deeper (Zelle et al, 2004).
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Fig. 5 Variability in ABLM Control. Standard deviation of (a) the 3-day averaged model
output SST (°C) and (b) 60-day low-pass filtered SST (°C). (c) Time series of Nifio 3 and
Nino 3.4 SST anomalies (°C). Standard deviation of the 20°C isotherm depth (m) from
(d) the 3-day averaged model output and (e) 60-day low-pass filtered data. (f) Time series
of Nifio 3 and Nino 3.4 20°C isotherm depth anomalies (m). The thin dotted lines in (c)
and (f) show the results from a simulation with additional 59-day high-pass CORE-NYF
atmospheric variability added (CORE-NYF Control, discussed in Section 5).

3.2 The response of the ocean to a wind burst

We now examine the response of the ocean to idealized western Pacific wind
bursts. We apply Gaussian WWBs [Eq. (1)] and Easterly Wind Bursts [EWBs,

obtained by changing the sign of A in Eq. (1)] over an ensemble of simulations
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which capture the spread across the internal variability of ABLM Control.
We construct 25 ensemble members in each set by imposing wind bursts at
the beginning of every consecutive two-month period over the four years of
ABLM Control. Averaged over the 25 ensemble members, the WWB creates
a downwelling Kelvin wave that travels across the Pacific basin in ~ 100 days,
evident in anomalies of the 20°C isotherm depth (contours in Fig. 6a-c and
color in Fig. 6f). The Kelvin wave creates warm SST anomalies in the cen-
tral and eastern Pacific through both the changes in thermocline depth and
zonal advection (color in Fig. 6a-d and Fig. 6e). These SST anomalies develop
somewhat after the thermocline depth anomaly of the Kelvin wave, consistent
with the delay expected from zonal advection and the impact of thermocline
depth anomalies on SST (compare color in Figs. 6e and 6f, also see Zelle et al
(2004)). These SST anomalies are strongest along the equator east of 140°W,
and are reduced north of the equator, which may be due to the TIW activity
there (Holmes and Thomas, 2016). The downwelling Kelvin wave is also fol-
lowed by a weaker upwelling wave that shoals the thermocline and cools the

sea surface.

The WWB also creates a strong warm SST anomaly in the western Pacific
between 200°W and 180°W through zonal advection of a background zonal
SST gradient in this region (Fig. 2d). This warm SST anomaly is larger than
observations may suggest as the background SST and SST gradient are biased
in this region (Fig. 2e). However, this enlarged response is unlikely to affect
the results of this study for several reasons; 1) The amplitude of the SST SVD
pattern is weak in this region (Fig. 4a), meaning that the statistical atmosphere
responds only weakly to SST anomalies here. 2) Any amplified response of the
atmosphere to SST anomalies in this region is absorbed into the coupling
coefficient choice (Section 4.1). Most importantly, 3) if the atmosphere does
respond to overly large SST anomalies in this region then the influence of
oceanic internal variability on the trajectory of the coupled system will be
underestimated, not overestimated, as oceanic internal variability is relatively

weak here.
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The western Pacific WWB (in the absence of coupling) leads to a 0.25°C
peak warm anomaly within the Nifio 3 region (black thick line in Fig. 7a),
occurring 36 days after the peak Nifio 3 Z3p anomaly (black thick line in Fig.
7b) and 81 days after the WWB peak. However, there is large spread across
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the ensemble members, particularly in SST, with Nino 3 anomalies between
0.12°C and 0.4°C possible across the 95% confidence interval due to oceanic
internal variability (gray shading in Fig. 7a, estimated at each time using
a non-parametric bootstrap). The EWB ensemble produces a corresponding
cool Nino 3 anomaly (blue lines and shading in Fig. 7a). The spread of SST
variability across the EWB ensemble is slightly larger than that in the WWB
ensemble (see Table 1) likely associated with an increase in the EKE of the
TIW field (Fig. 7c) in response to the Kelvin wave. These statistics are sum-
marized in Table 1. The enhancement in EKE for the EWB compared to the
WWB occurs as a consequence of changes in the background flow induced by
the Kelvin wave which alter the TIW kinetic energy balance, as discussed by
Holmes and Thomas (2016). These changes also act to damp the SST anoma-
lies associated with the Kelvin waves, which would be larger if the TIWs were
absent (Holmes and Thomas, 2016). Nevertheless, it is clear that the oceanic
internal variability impacts both the magnitude and duration of the SST re-
sponse to the wind burst. This implies that the coupled ocean-atmosphere
system may respond differently to a given WWB depending on the phase of

the internal oceanic variability, as we explore in the next section.

4 The Role of Oceanic Internal Variability in a Coupled System

In this section, we examine the influence of oceanic internal variability on
the evolution of a simple coupled ocean-atmosphere system. Here, in contrast
to the previous section, the wind stress and other atmospheric variables are
allowed to vary depending on the SST anomalies of the ocean model through
the single-mode SVD statistical relationship discussed in Section 2.5. We first
discuss the choice of the coupling coefficient using simulations initialized with
historical forcing anomalies leading up to the 1997-1998 El Nifio (Section 4.1)
and then discuss the influence of oceanic internal variability on the variability

in the forecast amplitude of events initiated by WWBs (Section 4.2).
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Fig. 7 (a) Nifo 3 SST (°C), (b) Nifio 3 Z2¢ (m) anomalies and (c) eastern Pacific surface
EKE (m2s—2, averaged between 7°S and 10°N, 150°W and 110°W) in response to a WWB
(gray) and an EWB (blue). Individual ensemble members are shown with thin lines. Also
shown are the ensemble mean (solid line) and 95% confidence interval (shaded) determined

using a non-parametric bootstrap over all 25 ensemble members at each time.

4.1 The choice of coupling coefficient R

In order to evaluate the performance of the SVD coupling method, and choose
a coupling coefficient R, we examine a set of simulations based on the 1997-
1998 El Nino. We choose the 1997-1998 event case as it is the strongest El Nino
on record with robust air-sea coupling. We first perform an uncoupled simu-
lation over 1996 and 1997, leading up to the event. As our control simulation
does not contain a seasonal cycle, we perform an anomaly forced simulation,

where the 1980-2014 climatology of the ERA Interim forcing is subtracted
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Table 1 A summary of the Nifio 3 SST anomalies and their spread due to oceanic internal
variability in the various sets of ensemble simulations. The columns indicate the control
simulation, the type of wind burst applied, the statistical coupling coefficient, the period
over which the statistics are measured, the ensemble mean Nifio 3 SST anomaly (°C), the
ensemble spread of Nifio 3 SST anomalies (°C) and the ratio of the ensemble spread to
the ensemble mean Nifio 3 anomaly respectively. Every ensemble contains 25 members. The
ensemble spread is quantified as half of the range of the 95% confidence interval determined
using a non-parametric bootstrap using 2000 random bootstrap samples of the 25 ensemble
members averaged over the given time interval. Within each bootstrap sample the 2.5% and
97.5% quantiles are calculated based on the rank ordering within the sample. The numbers in

brackets represent the 95% confidence interval of the given statistic from the bootstrapping.

Control Wind Burst RF Day ‘ Nifio 3 Mean (°C)  Nifio 3 Spread (°C

Spread / Mean

Uncoupled Experiments ‘

) |
|
|

ABLM WWB 0.0 96 0.26 (0.23, 0.29) 0.14 (0.10, 0.17) 0.51
ABLM EWB 0.0 96 -0.24 (-0.28, -0.21) 0.16 (0.13, 0.18) 0.63
Coupled Experiments ‘

ABLM 2 WWBs 0.9 198-258 0.61 (0.55, 0.67) 0.26 (0.17, 0.34) 0.42
ABLM 2 WWBs 1.0  198-258 0.81 (0.73, 0.90) 0.34 (0.25, 0.44) 0.42
ABLM 2 WWBs 1.1 198-258 1.05 (0.93, 1.17) 0.47 (0.34, 0.60) 0.45
ABLM 2 EWBs 1.0 198-258 | -0.63 (-0.71, -0.55) 0.34 (0.24, 0.43) 0.54
CORE-NYF 59-day 2 WWBs 1.0 198-258 0.67 (0.55, 0.78) 0.47 (0.38,0.55) 0.70
1994-1995 Stochastic 2 WWBs 1.0 198-258 0.56 (0.03, 1.09) 1.91 (1.69, 2.12) 3.41

from the 1996-1997 period, and then these forcing anomalies are added back
onto the July-December ABLM Control forcing. 1996-1997 Control thus con-
tains the influence of sub-seasonal variability, such as the strong WWBs that
occurred in January and March of 1997 (west of 180°E in Fig. 8a), and the
interannual anomalies but not the seasonal cycle. These two WWBs initiate
strong downwelling equatorial Kelvin waves which deepen the thermocline in
the eastern Pacific (Fig. 8b) and condition the system for the growth of the
1997-1998 El Nino event.
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Fig. 8 (a) Zonal wind stress (Nm~2), (b) Z20 (m) and (c) SST (°C) anomalies from a
simulation forced with observed anomalous forcing from 1996 and 1997. On the 26th of

March 1997 (black dashed line) the anomalous forcing is turned off and the simple statistical

coupling is turned on, with a coupling coefficient R¥ = 1.0.

The intention of this anomaly forced simulation is to initialize the system
in a state prone to the development of an El Nifio (e.g. as at the end of
March 1997), and then see if the SVD coupling can capture the growth of
the event. We therefore perform a coupled SVD simulation initialized from
1996-1997 Control on March 26th 1997 (see Fig. 8). From this point onward,
the forcing is determined from the ABLM Control background forcing and
the SVD perturbed forcing, that depends on the current state of the SST

anomalies (averaged over the previous 15 days). Due to the equatorial Kelvin
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Longitude (°E)
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waves initiated by the WWBs prior to March 26th, the eastern Pacific SST
warms (Fig. 8c). The wind stress in the western Pacific then weakens (Fig.
8a) through its statistical dependence on the central and eastern Pacific SST,
driving further changes in the thermocline depth (Fig. 8b) that amplify the
initial perturbations. This leads to the growth of an El Nino event and the
development of warm SST anomalies in the vicinity of 5°C in the central and
eastern Pacific by the end of 1997. We are therefore successful in capturing
the first-order dynamics of the coupled system in the growth phase of an El
Nino. Due to the simple coupling method and lack of seasonal cycle some of
the details of the observed event are not captured. The spatial structure of
the wind stress anomalies are fixed, while in reality the wind stress anomalies
shift eastward as the event grows. As a consequence, the SST anomalies are
shifted westward relative to observations. Note also that this system does not
capture the decay phase of the event, as the lack of a seasonal cycle and the
use of only one SVD mode does not capture, for example, the southward shift
of wind anomalies thought to be critical for triggering decay (e.g. McGregor

et al, 2013; Abelldn and McGregor, 2015).

The growth rate of the El Nifio depends on the coupling coefficient included
in the SVD statistical relationship [R¥ in Eq. (3)]. To evaluate the impact of
this choice, we perform simulations with coupling coefficients ranging from 0.8
to 1.25, all initialized from 1996-1997 Control on the 26th of March 1997. All
of these simulations capture a growing eastern Pacific SST anomaly (colored
lines in Fig. 9a) coupled with a growing western Pacific zonal wind stress
anomaly (colored lines in Fig. 9b). While it is difficult to objectively decide
on which coupling coefficient produces the most realistic growth, 0.9, 1.0 and
1.1 all agree reasonably well with the growth rate of the 1996-1997 Control
(black solid line in Fig. 9) and the observed (black dashed line in Fig. 9a) Nino
3 anomalies. The 0.8 simulation (red line in Fig. 9) grows much more slowly
than the others, and the 1.25 simulation (brown line in Fig. 9) grows much
more quickly, and peaks well before the 1996-1997 Control SST peak. We thus

examine coupling coefficients within the range 0.9 — 1.1. However, in the next
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Fig. 9 Coupled simulations based on the lead up to the 1997-1998 El Nino as a test of
the coupling coefficient included in the simple statistical coupling. (a) Nifo 3 SST (°C)
time series over 1997. The dashed black line shows the observed Nifio 3 SST anomalies for
1997. The solid black line shows the Nifio 3 SST anomaly for 1997 from 1996-1997 Control
forced with wind stress and other atmospheric forcing anomalies from 1996-1997. 1996-1997
Control is used as an initial condition for five coupled runs that are initialized on the 26th
of March 1997 (vertical dashed line), with a range of different coupling coefficients (colored
lines). (b) western Pacific zonal wind stress (Nm ™2, averaged between 10°S and 10°N, 140°E

and 180°E) corresponding to (a).

section we find that the relative impact of oceanic internal variability on the

coupled system is not sensitive to this choice.

4.2 Coupled WWB ensembles

We now perform a series of ensemble coupled forecast experiments initialized
from different states taken every two months from ABLM Control (Fig. 10).
Similar to the uncoupled ensemble simulations (Fig. 7), we initialize each sim-
ulation by applying external western Pacific wind bursts [from Eq. (1)] to
prime the coupled system for growth. To obtain realistic growth with coupling
coefficients of 0.9 — 1.1, we found it was necessary to apply two WWBs sepa-
rated by 35-days. This is for several reasons, including the lack of anomalous

warm water volume (WWYV) build-up prior to the WWBs in our experiment
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design (e.g. see Fedorov et al, 2015), and the relatively weak idealized Gebbie
et al (2007) wind burst, which has roughly 1/4 the peak strength of the March
1997 wind burst as measured by western Pacific wind stress anomalies aver-
aged over 10°S-10°N, 140°E-180°E (compare Fig. 10c and Fig. 9¢). The warm
SST anomalies in the eastern Pacific, that result from the WWBs and sub-
sequent equatorial Kelvin waves (e.g. see Fig. 6), amplify with time at a rate
dependent on the coupling coefficient (compare blue, red and black lines in
Fig. 10a). However, there is significant spread amongst the ensemble members
(shaded confidence intervals in Fig. 10), which highlights the prominent role

of oceanic internal variability. This spread increases with coupling coefficient.

As mentioned above the single-mode SVD coupling does not capture the
decay phase of ENSO, resulting in sustained growth. To quantify the impact
of oceanic internal variability on the amplitude of coupled events we therefore
focus on a period 5 — 7 months after the peak of the second WWB. This is
appropriate, for example, to examine the variability near the end of the year
for WWBs occurring at the end of June. Over this time period (indicated by
a bar in Fig. 10a), the Nino 3 anomaly ranges from 0.5°C to 1.2°C over the
95% confidence interval across ensemble members for a coupling coefficient
of 1.0. This £0.34°C spread in the response is significantly greater than the
£0.14°C variability in the uncoupled case (Fig. 7). These statistics are sum-
marized in Table 1. The spread is sensitive to the coupling coefficient, with
a smaller spread of +0.27°C for a coupling coefficient of 0.9 (although this
is still significantly enhanced above the uncoupled variability) and a larger
spread of +0.47°C for a coupling coefficient of 1.1. However, across these dif-
ferent coupling coeflicients oceanic internal variability accounts for a consistent
spread of approximately +45% the size of the ensemble mean Nifno 3 response
six-months after the second WWB (last column of Table 1). This indicates
that oceanic internal variability may contribute to the stochastic forcing of
the ENSO cycle and potentially degrade the skill of ENSO predictions that do

not capture this internal variability.
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Fig. 10 Ensemble coupled runs initiated from ABLM Control with three different coupling
coefficient R = 0.9 (red), 1.0 (blue) and 1.1 (black). (a) Nifio 3 SST (°C), (b) Nifio 3 Z29
(m) anomalies and (c) western Pacific zonal wind stress (Nm~2, averaged between 10°S
and 10°N, 140°E and 180°E). The ensemble mean is shown with the solid line and the 95%
confidence interval calculated using a non-parametric bootstrap is shown with the shading.
The black dashed bar in (a) marks the time period 5-7 months after the peak of the second
WWB, where statistics are collated in Table 1.

We also conducted a series of coupled ensemble forecast experiments ini-
tialized with two EWBs instead of WWBs (not shown). These experiments
showed similar ensemble spread as the WWB experiments, however, the en-
semble mean Nino 3 anomaly was negative, and somewhat smaller than in the
WWB experiments (see Table 1). This suggests that there is an asymmetry
between La Nina and El Nifio events in our idealized coupled setup. Since
the wind stress responds linearly to SST anomalies this asymmetry is likely

sourced in the ocean (although there are some non-linearities in the surface
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heat fluxes). A careful examination of the sources of this asymmetry is outside
the scope of this article and will be left to future work. However, variations in
TIW EKE and lateral heat fluxes are likely to play a role (An, 2009; Imada
and Kimoto, 2012; Holmes and Thomas, 2016).

5 How does the oceanic variability compare to atmospheric

variability?

In the previous section we showed that internal oceanic variability can drive
variability in the response of our coupled system to a given series of wind
bursts. Here, we examine how this oceanic-sourced variability may compare

with variability sourced from internal atmospheric processes.

5.1 High-pass filtered atmospheric variability

We begin by considering CORE-NYF Control, which, in addition to the oceanic
internal variability, contains high-frequency atmospheric variability from a 59-
day high-pass filter of the CORE-NYF data set, as described in Section 2.6.
Frequency spectra of this added wind stress forcing in the western Pacific
show a relatively white spectrum at frequencies above the 59 day cutoff, with
a rapid decay at lower frequencies (thick blue dashed line in Fig. 11a). This
additional high-frequency variability in wind stress, as well as in the other
atmospheric forcing fields, induces high-frequency variability in Nino 3 and
Nino 3.4 SST that has an order of magnitude more variance at periods shorter
than ~ 90 days than ABLM Control (compare black and thick blue dashed
line in Fig. 11b, also compare the time series of Nifio 3 and Nifio 3.4 SST,
dashed lines in Fig. 5¢). However, there is only a somewhat smaller boost to
the high-frequency variability in the thermocline depth (compare black and
thick blue dashed line in Fig. 11c, also compare the time series of Nifio 3 Zaq
and Nifio 3.4 Zyg, dashed lines in Fig. 5f). This suggests that much of the
additional variability coming from the atmosphere in CORE-NYF Control is
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Fig. 11 Welch power spectra of (a) western Pacific wind stress (averaged between 10°S
and 10°N, 140°E and 180°E), (b) Nifio 3 SST and (c) Niflo 3 Z3g from the various control
simulations including ABLM Control with no atmospheric variability (black solid), with
additional high-pass filtered atmospheric variability (blue dashed lines), with additional
stochastic atmospheric variability estimated as described in Section 2.6 (green solid lines)
and from 1996-1997 Control with full atmospheric forcing anomalies over the 1996-1997
period (yellow dotted lines). All spectra are calculated from four-year periods except for
1996-1997 Control which is two years. Note that the y-scales of each of the three subplots are

the same to facilitate comparison of the range of variability magnitudes between variables.

through variations in the air-sea heat flux that influence the temperature in
the mixed-layer, as opposed to variability in the wind stresses impacting the
thermocline depth through wind-stress curl and remotely forced equatorial

waves.
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Despite the drop-off in the wind stress spectra at periods below 90 days,
there is still a boost in the low frequency variability of both SST and thermo-
cline depth (compare black and thick blue dashed lines at periods below 90
days in Fig. 11b,c). Note that an additional control simulation forced with 59-
day high-pass filtered ERA Interim forcing over the 1994-1995 period (looped
to produce a four-year control simulation, see Fig. 1) gives a similar, if slightly
smaller, level of variability to CORE-NYF Control (compare thick and thin
blue dashed lines in Fig. 11). Also, using a 29-day high-pass cutoff instead of
a 59-day high-pass cutoff produces less low frequency variability as expected
(compare thin dot-dashed and thick blue dashed lines in Fig. 11). In this case,
the low frequency variability in SST and Zy is mostly associated with purely
oceanic-intrinsic processes (compare blue dot-dashed and black lines in Fig.
11b,c).

The additional variability coming from the 59-day high-pass CORE-NYF
forcing is likely to enhance the ensemble spread in the trajectory of the coupled
forecasts. To test this, we conduct additional ensemble forecast experiments,
referred to as the CORE-NYF Ensemble, with the CORE-NYF high-frequency
forcing and initiated from CORE-NYF Control (see Fig. 1). To compare to the
ABLM Control coupled experiments (Fig. 10), we maintain the same experi-
mental design initiating each experiment with two WWBs. We use a coupling
coefficient of RF = 1.0. Initially the Nifio 3 SST ensemble spread is 2 — 3 times
larger in the CORE-NYF Ensemble than in the ABLM Ensemble (compare
blue and gray confidence intervals at day 0 in Fig. 12a). Previously, we have
seen that the coupling enhances the ensemble spread as the coupled anomalies
grow. However, the growth in the ensemble spread in Nino 3 in the CORE-
NYF Ensemble is minimal, reaching +0.47°C 5—7 months following the second
WWB and exceeding that in the ABLM Ensemble (£0.34°C) by a factor of
only 1.4 (see Table 1). This is likely because the impact of the high-frequency
forcing on the thermocline depth is more muted than its direct influence on
SST, and it is this variability in the thermocline depth that can lead to more
sustained SST anomalies. The high-pass filtered CORE-NYF western Pacific
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Fig. 12 As for Fig. 10 except comparing the results of two WWB coupled experiments
(with coupling coefficient RF' = 1.0) with (blue) and without (black) additional CORE-
NYF 59-day high-pass atmospheric forcing.

wind stress variability is unable to create sustained large-amplitude equatorial

waves that have a strong signature in eastern Pacific thermocline depth.

In conclusion, in this idealized experimental setup with high-frequency at-
mospheric variability we find that the oceanic internal variability provides
much of the variability in forecast event amplitude. If we take the ABLM FEn-
semble spread as representative of the oceanic internal variability, which is
also present in the CORE-NYF Ensemble, then in the CORE-NYF Ensemble
72% of the 5 — 7 month Nino 3 ensemble spread is associated with oceanic

internal variability.
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5.2 Stochastic estimate of atmospheric variability

One reason that the oceanic internal variability contributes more than at-
mospheric variability to the spread in forecast amplitude in the CORE-NYF
Ensemble may be because the use of a high-pass filter effectively removes all
of the low frequency atmospheric forcing (e.g. Fig. 11a at periods longer than
90 days). Some of the removed signal could potentially be associated with the
low frequency tail of stochastic internal atmospheric variability (Levine and
Jin, 2017). Therefore, we also consider surface forcing derived using the SVD
method discussed in Section 2.6.2 which isolates the component of atmospheric
variability that is apparently independent (or at least not linearly-dependent)
on the ocean or coupled variability. We performed two additional control sim-
ulations with added stochastic forcing taken from the periods 1994-1995 and
1996-1997. Each of these simulations was run for five years (looping over the
1994-1995 and 1996-1997 periods), initialized from ABLM Control, with anal-
ysis here coming from the last four years (see Fig. 1). The wind stress forcing
associated with these experiments contains a similar level of high-frequency
variability as the high-pass filtered cases, but does not decay at low frequen-
cies (compare green solid and blue dashed lines in Fig. 11a). Correspondingly,
there is around an order of magnitude more variance at low frequencies in both
Nino 3 SST and thermocline depth (compare green solid and blue dashed lines
in Fig. 11b,c at periods below 90 days). Note that the 1996-1997 period has
a higher level of low frequency wind stress variability, but similar levels of
low frequency SST and thermocline depth variability (compare green thin and

thick lines in Fig. 11a).

The enhanced low-frequency variability under the stochastic atmospheric
forcing leads to a large increase in the ensemble spread of forecast experiments
performed using the 1994-1995 stochastic forcing (blue shading in Fig. 13). In
this 1994-1995 Stochastic Ensemble, the spread in the initial states and the
variations in the stochastic atmospheric forcing across ensemble members is

large enough such that some ensemble members end up with negative Nino
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Fig. 13 As for Fig. 10 except comparing the results of two WWB coupled experiments
(with coupling coefficient R = 1.0) with (blue) and without (black) additional 1994-1995

stochastic atmospheric forcing (see Section 2.6.2).

3 anomalies despite the two externally-imposed WWBs. Clearly, here the en-
semble spread induced by the atmospheric forcing variability is larger than
that coming from intrinsic oceanic processes. Again quantified 5 — 7 months
following the second WWB, the 199/-1995 Stochastic Ensemble Nifio 3 SST
forecast spread is £1.91°C compared to the £0.34°C in the ABLM Ensemble
(see Table 1). Therefore in this case oceanic intrinsic variability contributes
around 18% of the ensemble spread. While this is much less than the 72% con-
tribution found using the high-pass filter, it still suggests that intrinsic oceanic
processes may make an appreciable contribution to the stochastic forcing of

ENSO.
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6 Summary and Conclusions

We have examined the impact of oceanic internal variability, associated with
Tropical Instability Waves, on ENSO irregularity and predictability using a
hybrid coupled model. We have focused on the July-December season when
oceanic internal variability is seasonally largest and when ENSO events typi-
cally grow. By eliminating all sources of internal atmospheric variability (through
the use of a simple atmospheric model) we have quantified the impact of
oceanic internal variability on the growth rate and amplitude of coupled events
subsequent to a given series of wind bursts in the western Pacific. In this ide-
alized setup we find that oceanic internal variability can result in an ensemble
spread of approximately +45% of the size of the ensemble mean Nino 3 SST
anomaly for an El Nino event (Table 1). For example, using a statistical cou-
pling coefficient of 1.0 the Nino 3 SST anomaly six-months following the second
of a series of two WWBs can range between 0.5°C to 1.2°C due to the initial
state and evolution of the TIW field (Fig. 10).

We have also compared the variability coming from oceanic internal pro-
cesses to atmospheric internal variability, typically thought to provide the
stochastic forcing of the ENSO cycle. Using various estimates of this atmo-
spheric internal variability, we found that oceanic intrinsic processes contribute
between 18% and 72% of the ensemble spread in the idealized coupled fore-
casts (Table 1 and Figs. 12 and 13). The upper limit of 72% corresponds to
when atmospheric internal variability is estimated by retaining only frequen-
cies faster than two-months in the atmospheric forcing. As such a high-pass
filter removes the low-frequency tail of the atmospheric noise, we expect that
72% is an overestimate of the potential influence of oceanic variability. The
lower limit of 18% is obtained in contrast by removing all atmospheric forc-
ing variability that is linearly associated with SST variability (using an SVD
method; see Section 2.6). Therefore, this could potentially be an underestimate
of the contribution of oceanic noise, as the forcing still includes atmospheric

variability that is non-linearly related to SST variability.
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The contribution of oceanic internal variability to ENSO irregularity re-
ported here is derived from an idealized model setup and relies on a number of
simplifying assumptions. Firstly, our simulations focus on the strong TIW sea-
son and do not contain a seasonal cycle in the mean circulation, known to be
crucial for ENSO dynamics (Tziperman et al, 1997; Stein et al, 2014; Abelldn
and McGregor, 2015). Secondly, our ensemble simulations all start from initial
neutral states without anomalous build-up or deficit of WWYV. Such initial
WWYV anomalies are known to be important for the development of future
events (Meinen and McPhaden, 2001; Fedorov et al, 2015) and, combined with
seasonal variations, can impact the magnitude of the SST anomalies resulting
from WWBs (Puy et al, 2016). Thirdly, our statistical atmosphere was simpli-
fied, using a single SVD mode that captures the first-order atmosphere-ocean
coupling. The statistical coupling also depends on a coupling coefficient which
is difficult to constrain, although we found that the impact of oceanic internal
variability on the Nifio 3 SST ensemble spread relative to the ensemble mean
in the ABLM Ensemble was insensitive to this coefficient (Table 1). Despite
these shortcomings, our model and experimental design serve to provide a
first order estimate of the contribution of oceanic internal variability to ENSO
growth and irregularity. More work is required to more precisely quantify this
effect. However, such quantification remains difficult in more complex coupled
systems as it requires a method to attribute portions of the observed coupled
variability to either oceanic or atmospheric processes.

An additional factor that we have not examined in this study is the influ-
ence of TTWs on small-scale wind variability in the central and eastern Pacific
(e.g. Chelton et al, 2001; Narapusetty and Kirtman, 2014; Zhang, 2014). These
previous studies show that small-scale atmospheric variability can be driven
directly by TIW SST anomalies, and may also impact on the irregularity and
predictability of the coupled system (Jochum et al, 2007a).

Our results suggest that it is important to correctly represent small-scale
non-linear oceanic processes in order to successfully capture all the processes

that contribute to ENSO irregularity. A correct representation of small-scale
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oceanic processes requires an ocean model with resolution higher than the
typical 1° used in many global coupled models (Graham, 2014). These models
may therefore miss a potentially important component of the stochastic forcing
of ENSO contributing to an under-representation of ENSO in these models
(see e.g. Santoso et al, 2017). The under-representation of TIWs may also
impact seasonal forecast ensembles that employ relatively low resolution ocean
components (also see Ham and Kang, 2011). The contribution of TIWs to
ENSO should thus be more carefully considered in future modeling studies

and observations.
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Appendix: The Atmospheric Boundary Layer Model

As discussed in Section 2, we use an Atmospheric Boundary Layer Model
(ABLM) to freely determine the air temperature Tg;, and air humidity gqg-
Our implementation is based on the cheapAML model of Deremble et al (2013),
following earlier work by Seager et al (1995). The model solves single layer

advection-diffusion equations for T, and g,

0T, 1 1
L = V- (Ui — Toir) + ——— (Ft = F7) — — (Toir — Tp),
o Vi ( WV Tir) + o ) = b)
(A.1)
aqmr 1

1
- _ . o . t_ o) R
8t - vh (UQazr thqazr) + h (FQ FQ) rr (Qazr Qb) ) (A2)
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where U is the prescribed 10m wind field,  is an isotropic horizontal diffu-
sivity, pq is the density of air, C}, is the heat capacity of air, h is the spatially
variable depth of the atmospheric boundary layer, r1 is a restoring time-scale
that is non-zero only over land (where it takes the value 0.1 days) and T}, and
qp are background restoring fields for air temperature and humidity.

As discussed in Deremble et al (2013), the imbalance of heat loss from the
top of the boundary layer, F'*, and heat gain from the ocean F'~ are parame-
terized using long-wave radiative fluxes and the air-sea sensible heat flux (solar
radiation and the latent heat flux both pass through the boundary layer at
first order). Heat is lost via long-wave radiation from the top of the bound-
ary layer using an average lapse rate of 0.0098°Cm™'. The upper and lower
fluxes of moisture, Fg?' and Fg are represented by evaporation and entrain-
ment at the top of the boundary layer. The advecting wind-velocities U, the
boundary and over-land air temperature and air humidity and the spatially
variable boundary layer depth h are taken from the ERA Interim 1980-2014
July-December average discussed above. All air-sea fluxes are determined us-
ing the ROMS bulk flux routines, based on Fairall et al (1996). Due to the
constant wind speeds and lack of storm systems, we use a large diffusivity of
k=5x10°m2%s~ 1.

In regions with high SST, the air temperature determined by the ABLM
has a tendency to warm too much due to the absence of convection. This ex-
cessive warming in convective regions was also noted by Deremble et al (2013),
but they did not suggest a solution other than restoring. In order to avoid this
unphysical warming we include a simple threshold on the surface air temper-
ature, chosen as 28°C. This crudely models the effects of convection, which
above this threshold mixes the air column vertically until the surface air tem-
perature is once again below the threshold, returning the system to marginal
stability. The presence of a threshold SST of around 27 — 28°C above which
convection occurs is well supported in the literature (e.g. Graham and Bar-
nett, 1987; Johnson and Xie, 2010). Wind convergence also plays an important

role in modulating convection (Graham and Barnett, 1987). However, as we
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have a temporally constant wind field and do not resolve any synoptic scale
variability we do not include a parameterization for this effect.

Our implementation of the ABLM includes several tuning parameters, such
as the effective height of upwards long-wave radiation out of the boundary
layer, the convective air temperature threshold and the constant of propor-
tionality « relating the entrainment of humidity at the top of the boundary
layer to the surface fluxes. The best parameter set was found to be o = 0.3
(compared to the value of 0.25 used by Deremble et al (2013)), a 28°C thresh-
old and long-wave radiation from the top of the boundary layer. The remaining
biases include a tendency to be too warm and wet in the warm and wet re-
gions and too cool and dry in the cool regions (as also noted by Deremble et al
(2013) in a fixed SST experiment). This bias is likely due to the absence of

low-cloud feedbacks.
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